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Abstract
The prevailing view regarding the oceanic meridional overturning cell (MOC) in the Atlantic is that, for a given North
Atlantic freshwater ﬂux, it has at least two stable states, one with a large surface (northward) mass ﬂux and the other with a
small ﬂux. It has been argued that some abrupt paleoclimatic changes which occurred in the North Atlantic and the regions
surrounding it might be related to a shift between these two distinctly different states. Here, we argue that, although the
Atlantic MOC can indeed collapse due to a large freshwater ﬂux, the actual ocean does not have multiple states for the
same freshwater ﬂux.
The two state scenarios has its origin in the analytical box model of Stommel [1961. Thermohaline convection with two
stable regimes of ﬂow. Tellus 2, 244–230] and in a series of numerical models starting with that of Bryan [1986. High
latitude salinity effects and interhemispheric thermohaline circulations. Nature 303, 301–304]. Using hybrid global
analytical models involving both wind and density variations we demonstrate here that the application of Stommel’s model
to the North Atlantic yields multiple solutions because it considers the origin of the MOC upper limb to be a box whose
export of water depends on its temperature and salinity which are not known in advance. When this origination box is
replaced by a (observationally supported) Southern Ocean box whose surface water export depends solely on the wind, and
when, together with this choice, the diapycnal diffusivities and eddy viscosities are taken to be as small as the usually
observed values, the multi-solution scenario disappears and one gets only a single solution.
Using the Uvic climate model, we re-conﬁrm earlier results and argue that numerical models have multiple stable states
and a resulting hysteresis because of the spuriously high eddy diffusivity that is typically used explicitly or implicitly. This is
so because the diffusivity artiﬁcially introduces dense-to-light water conversion analogous to Stommel’s origination box.
Since we used a level model rather than a layered or isopynic model, the small vertical diffusivity limit still retains
signiﬁcant cross-isopycnal mixing due to the horizontal diffusivity, which is not supported by observations. Consequently,
while our runs shows a tendency to no-hysteresis in the limit of small cross-isopycnal ﬂow, we cannot actually reach that
limit.
r 2007 Elsevier Ltd. All rights reserved.
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The subject of past and future abrupt climate
changes has been extensively discussed in recent
years (see e.g., Alley et al., 2002 for a thorough
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Nomenclature
MOC meridional overturning cell
THC thermohaline circulation
NADW North Atlantic Deep Water
q
model mixing
Q
total deep water formation
t
wind stress
l
contour along which the wind stress t is
integrated
r
density
f
mean Coriolis parameter along the contour shown in Fig. 4
F
freshwater ﬂux
S1
salinity in the Southern modeled ocean
S2
salinity in the Northern modeled oceans
S3
salinity of the connecting tubes (Fig. 3b)

review). It is not at all obvious which part of the
earth’s climate system (e.g., atmosphere, ice sheets,
oceans) is responsible for abrupt changes. While
some attribute it to the atmosphere, others attribute
it to the tropics and some to a temporary collapse of
the Atlantic meridional overturning cell (MOC),
which is our focus here. The cell carries so much
heat northward and is so sensitive to the (highly
variable) salinity distribution in the ocean that it
seems sensible to attribute its collapse to climatic
changes in high latitude continents surrounding the
North Atlantic. Indeed, temperature records during
the past 100,000 years seem to indicate a strong
correlation between high atmospheric temperature
anomalies and the salinity of the North Atlantic (see
e.g., Bard, 2002).
In what follows we shall deal with both analytical
and numerical models related to those anomalies.
The reader is warned in advance that, although both
models are straightforward, the interpretation of
their results in light of the observations is not at all
simple. The sensitivity of results obtained with
numerical models to cross-isopycnal diffusivities is,
of course, not new and the sensitivity of the
hysteresis to the diffusivity is not new either (see
e.g., Grifﬁes et al., 2000; Prange et al., 2003). What
is new here is our interpretation of the associated
dynamics—the (measured) diffusivity in the thermocline is so small and the role of the Southern
Winds is so important that, as our hybrid (winddensity) analytical model shows, the North Atlantic
Ocean can have only one stable steady state.
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T
SST
m
S^
S
Sf
cw
ccw
Kv

salinity of the connecting tubes (Fig. 3b)
vertical mixing coefﬁcient
non-dimensional vertical mixing coefﬁcient
heat exchange coefﬁcient
prescribed Levitus SST
ocean temperature
sea surface temperature
salt exchange coefﬁcient
prescribed Levitus SSS
model ocean SSS
Uvic model surface salt ﬂux
clockwise
counter-clockwise
eddy diffusivity at the surface of the
numerical model

We shall see that, in contrast to the models
typically used with purely thermohaline, no-wind,
density-driven ﬂows, our hybrid wind-density models application to the ocean is consistent with
Sandstrom (1908, 1916) thermodynamic theory
( see also, Defant, 1961; Paparella and Young,
2002). That theory states that no purely thermohaline circulation (THC) (i.e., density-driven only) can
ever be established unless the positive buoyancy
source (e.g., warming), which compensates for the
negative buoyancy source (e.g., cooling), is below
the level of the negative source. It is virtually
impossible to satisfy this situation in the ocean
because both the cooling and warming occur on the
free surface at approximately the same level. This
restriction is circumvented here because, in our
hybrid model, the atmosphere does mechanical
work on the ocean. This comes about through the
wind stress that is explicitly represented in the
volume transport formula. (Within the context of
our model, this mechanical work need not be
speciﬁed or solved for.) For clarity, the term THC
will, hereafter, be used in reference to density-only
driven cells whereas the term MOC will be used to
describe cells driven by both winds and density
differences.
1.1. Earlier models
The ﬁrst model whose application to the North
Atlantic suggested that the THC could be unstable
is that of Stommel (1961). Stommel himself did not
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have the North Atlantic application in mind when
he developed his two-box model but it has later been
consistently applied to the North Atlantic by a
variety of investigators. With a (conceptual) origination box connected (via horizontal tubes) to a
second box, Stommel’s model showed that, because
the transports through the tubes connecting the
boxes depend on both the temperature and the
salinity of the boxes, (which the transports themselves regulate), the system has at least two
solutions. Stommel and Rooth (1968) later showed
that the addition of gravity makes the dynamics
even richer. Still other studies demonstrated later
that the two-solution scenario does not disappear
even when one considers three (or four) boxes,
variable diffusivities or an origination box that is
placed in the southern hemisphere (e.g., Joyce, 1991;
Gargett and Ferron, 1996; Rahmstorf, 1996; Marotzke, 2000). However, all of the earlier models that
included a southern hemisphere origination box
neglected a critical aspect of the dynamics—the
linear upper layer transport from the Southern
Ocean is controlled by the wind, not the density
gradients (Toggweiler and Samuels, 1995; Nof,
2000, 2002, 2003; Nof and De Boer, 2004). As
mentioned, the inclusion of winds (one of the aims
that we have here) makes our models application to
the ocean consistent with the Sandstrom (1908,
1916) thermodynamic theorem because the wind
does work on the ocean. We shall see that, perhaps
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not surprisingly, the inclusion of wind dramatically
changes the nature of the dynamics.
Stommel’s conceptual problem remained dormant for more than 20 years because it was not
clear how it could be directly applied to the ocean.
All of this was changed in 1986 when F. Bryan
showed numerically that a section (i.e., non-global)
ocean model (subject to both heat and freshwater
exchange) does, in fact, have two stable states
(Bryan, 1986). Many numerical models (e.g.,
Rahmstorf, 2002), with or without winds, followed
and all veriﬁed that the numerical ocean does indeed
have two solutions. Our simpliﬁed perception of
these results is shown schematically in Fig. 1. As the
freshwater ﬂux into the ocean is increased, the
salinity in the convection region decreases so that
the ocean must be cooled more in order to keep
convection in place. For an approximately ﬁxed
heat ﬂux to the atmosphere, this implies that less
volume can be convected. Namely, the MOC
transport gradually decreases for an increased
freshwater ﬂux. Looking at Fig. 1a, the decrease
follows the route corresponding to DCB. However,
when the end point (i.e., point B) is reached and the
freshwater ﬂux is then gradually decreased, the
solution does not follow the same route as before,
(i.e., it does not follow BCD). Instead, it now
follows the lower curve (BAD). The points A and C
correspond, conceptually, to the two solutions
found by Stommel (1961).

Fig. 1. (a) Schematic diagram of the familiar hysteresis associated with the MOC. For each freshwater ﬂux, there are two different
transports corresponding to two distinctly different stable solutions (points C and A). In a typical ‘‘hosing’’ numerical experiment,
the upper branch is followed when the freshwater ﬂux is gradually increased. On the other hand, the lower curve is followed when the
freshwater ﬂux is gradually decreased. See, for example, Rahmstorf (2002) for details. (b) Schematic diagram of our perception of the
MOC. There are not two states for the same freshwater ﬂux. Rather, the ‘‘on’’ and ‘‘off’’ modes are actually a part of one stable branch
involving no hysteresis. As stated in the text, this conceptual view corresponds to a state of no signiﬁcant cross-isopycnal mixing and an
upper Southern Ocean export dominated by winds. By ‘‘no signiﬁcant cross-isopycal mixing’’ we mean values as small as those observed in
the thermocline (0.1 cm2/s).
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An important climatic aspect is how does the
actual transition from C to A take place. Can the
ocean simply jump from one state to the other? In
the traditional numerical experiments mentioned
above one needed, of course, to go through point B
in order to reach point A (from C). This is
qualitatively analogous to the familiar two valley
situation shown in Fig. 2. In this scenario, there is a
threshold value that the perturbation must exceed if
the ball is to shift from one state to the other
suggesting, by analogy, that the ocean cannot
simply jump from one state to another. The
threshold value varies with the freshwater ﬂux and
vanishes at the two end points of the hysteresis loop.
Issues relevant to this aspect are discussed in
Dijkstra et al. (2004).
The above numerical experiments were limited to
a relatively small number of parameters and more
sophisticated numerical experiments (not yet performed) will probably show that the hysteresis is at
least three dimensional, i.e., the MOC transport is
not only a function of the freshwater ﬂux but also a
function of other variables such as the wind speed
above the convection region which controls the heat
ﬂux. In such a three-dimensional scenario the curves
shown in Fig. 1 are actually slices through threedimensional surfaces. This implies that there could
probably be many ways to numerically force
transitions from C to A, some of which may not
even involve any change in the freshwater ﬂux. We
presently do not really know how the transition
from C to A can occur.

Fig. 2. Schematic diagram of the familiar stability concept where
two valleys (one of which contains a hypothetical ball) are
separated by a hill. The ball is stable in each individual valley and
there is a threshold value for the perturbation required to push
the ball from one state to another. This threshold value
corresponds to the height of the hill (B0 ), which varies in the
direction perpendicular to the page. In this simple scenario, the
valleys correspond to points C and A in Fig. 1a, with the ridge
narrowing as one goes form the center of the hysteresis loop to
the right or left, i.e., B0 does not correspond directly to B (shown
in Fig. 1a) unless one is at the edges of the hysteresis loop.

It has been recognized for a long time that most
of the numerical runs are sensitive to both the
magnitude and location of the diffusivities (e.g.,
Scott and Marotzke, 2002; Oliver et al., 2005). Our
aim here is not to repeat any of those calculations
but rather to show that a combination of diffusivities as low as the observed oceanic values and the
importance of Southern Winds in controlling the
upper layer transport from the Southern Ocean to
the South Atlantic (Nof, 2003; Nof and De Boer,
2004) suggest that there is only one stable steady
state. For other studies related to the role of
diffusivities in the circulation the reader is referred
to Grifﬁes et al. (2000), Halliwell (2004), Heywood
et al. (2002), Ledwell et al. (1998), Naveira
Garabato et al. (2004), Sloyan (2005), and Sundermeyer and Price (1998). In this context, the reader is
also referred to Weijer and Dijkstra (2001) and
Nilsson et al. (2004) for related studies on the
asymmetry and stability of the THC.
For a review of all previous hysteresis studies the
reader is referred to Rahmstorf et al., 2005.
Although many state-of-the-art OGCMs use realistic diffusivities as small as O (0.1 cm2/s), so far,
virtually all runs used for hysteresis studies have
either high cross-isopycnal diffusivity, high along
isopycnal dissuvity, or high eddy viscosities along
and across isopynals. Since the density equation
implicitly involves eddy viscosity (through the
advection terms), any unrealistic value for any of
the above four variables introduces spurious mixing
and spurious upwelling and downwelling. We have
carefully checked that this is the case for all the 11
models reviewed in Rahmstorf et al. (2005). In
particular, we note the following three points: (a)
Most of the 11 models have explicit vertical
diffusivity (the largest component of diapycnal
diffusivity) in the range of 0.2–1 cm2/s and the
depth dependent models typically have diffusivity
larger than 1.3 cm2/s at the bottom. (b) Only four of
the 11 models potentially have diapycnal diffusivity
of 0.1 cm2/s or less. The C-GOLDSTEIN model has
explicit diapycnal diffusivity in range 0.026–1.9 cm2/s,
but the authors indicate that spurious diapycnal
diffusivity could be as high as 0.5 cm2/s. The MITUWash model has small diffusion but extremely
high vertical viscosity, 100 cm2/s, two orders of
magnitude greater than that of most models. The
ECBilt-CLIO model has a very complicated vertical
mixing scheme that could be as low as 0.1 cm2/s at
the surface, but this mixing is in the horizontal/
vertical directions rather than in the isopycnal/
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diapycnal direction, so spurious mixing is still an
issue. (c) All 11 models have signiﬁcant Atlantic
upwelling. This can be seen by examining the ratio
of the deep water formation mass ﬂux to the
northward volume ﬂux at 301S.
It should be mentioned here in passing that when
Stommel’s model was ﬁrst applied to this problem,
nobody knew that the water feeding the NADW
originates in the Southern Ocean rather than the
equatorial or South Atlantic. This was ﬁrst noted
later, in the late 1980s (Gordon, 1986). Therefore,
this adaptation of his model with a low-latitude
origin or South Atlantic origin was the natural
choice to make at the time. Finally, it should be
pointed out that some argued that negative feedbacks between ocean and atmosphere could also
preclude the existence of more than one stable state
(Yin et al., 2006).
1.2. Scope of present study
Using numerical runs Prange et al. (2003) suggest
that the hysteresis strongly depends on the diffusivity. Also, Schmittner and Weaver (2001) noted that
the position of the hysteresis shifted when the
diffusivity was altered. The Prange et al. (2003)
study, which is more relevant to our case, attempted
to illustrate how the hysteresis disappears when the
diffusivity is reduced to extremely small values.
Prange et al. (2003) stopped short, however, from
explaining what this means regarding the physical
processes in question, and their collapsed hysteresis
correspond to unrealistically small meridonal transports (5 Sv), casting doubt on the validity of their
procedure.
Speciﬁcally, the work of Dijkstra and Weijer
(2005) suggests that the Prange et al. (2003) runs
have a problem because, while varying the eddy
diffusivity, they did not adjust their initial unpertubed fresh waterﬂux in a way that maintains the
same initial (Levitus) (SSS) sea surface salinity for
runs with different diffusivities. For each value of
the vertical diffusivity, they used the same initial
freshwater ﬂux. As the diffusivity decreases or
increases relative to some reference ran for which
the initial (Levitus) SSS is, the diffusivity either pulls
too little or too much salt from the surface. As a
result, all the non-reference runs do not have the
same initial SSS as the reference run. This is
probably the reason that, for small diffusivity, their
eventual overturning became so small (5 Sv). We
shall see that our runs do not suffer from the same
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weakness because, for each diffusivity, we used a
different initial freshwater ﬂux determined by
restoring the SSS to Levitus data.
Our primary point in this article is that the
multiple solutions are a direct result of (a spurious)
cross-isopycnal exchange introduced by the artiﬁcially high eddy diffusivities. This will be shown in
two stages. Using a global hybrid model, we shall
ﬁrst show analytically that the existence of the two
solutions in Stommel’s model is a direct result of his
particular choice for the origination box. (Recall
that this conceptual low-latitude box or southern
hemisphere box exchanges water with the high
latitude box (corresponding to the North Atlantic
Deep Water, NADW) in a manner that depends on
its own temperature and salinity, which by themselves are a part of the solution.)
1.2.1. Scaling
Evidently, the convection in the North Atlantic is
much too strong (15–20 Sv) and the cross-isopycnal
eddy diffusivity at the base of the thermocline
within the Atlantic is much too small [0(0.1) cm2/s
according to most estimates (see e.g., Law et al.,
2003; Ledwell et al., 1993, 1998; Schmitt et al.,
2005)] to allow for a signiﬁcant compensating
upwelling within the limits of the Atlantic Ocean
itself. Even if we take the area of the Atlantic to be
as large as, say, 6000  20,000 km2 and the thermocline to be as shallow as 500 m deep, we still ﬁnd
that, for an eddy diffusivity of 0.1 cm2/s, the total
upwelling within the limits of the Atlantic cannot be
much more than 2 Sv.
Adding the Paciﬁc to this estimate will increase
that amount to perhaps 8 Sv. Regardless what
amount one takes, this is much smaller than the
observed 15–20 Sv of the MOC which must, therefore, be upwelled somewhere else within the world
ocean (in order to compensate for the NADW).
Indications are that this upwelling occurs in the
Southern Ocean, south of the region where the
isopycnals (corresponding to the thermocline) strike
the surface. This very simple scaling is of utmost
importance to the hysteresis issue and to the
main aspect of this paper. For related aspects
regarding mixing and scales the reader is referred
to Gnanadesikan (1999), Heywood et al. (2002),
Naveira Garabato et al. (2004) and Sloyan (2005).
It is because of the small diffusivity that the
North Atlantic convection draws water from all
over the world ocean and, it is for this reason that
the wind can control how much upper water can
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enters the Atlantic from the south. With the wind
controlling the upstream MOC transport, the
hysteresis disappears. (Recall that, as pointed out
by Nof and DeBoer (2004), only upwelling in the
Southern Ocean leads to inﬂows of upper water
controlled by the wind. Upwelling in the Paciﬁc,
which one would expect to be higher than in the
Atlantic because of the larger area has no known
wind-controlled effect.)
1.2.2. Analysis outline
In Section 2, we examine what happens when
Stommel’s origination box is placed in the Southern
Ocean with the wind controlling the upper water
export upstream. In the case of no-mixing or small
mixing (Fig. 3a), there is only one solution, but if
mixing is included in the model (Fig. 3b) then there
are two solutions when the mixing is higher than a
critical level. Namely, in the limit of small mixing,
the ‘‘two stable solutions’’ scenario disappears and
the system has only one solution (as is shown in our
earlier schematic diagram, Fig. 1b).
To illustrate the critical role of diffusive upwelling
in the two-solution scenario, we introduce two
artiﬁcial vertical tubes connecting the conceptual
upper tube (representing northward ﬂowing water)
to the conceptual lower (southward ﬂowing water).
A ﬁxed vertical diffusivity coefﬁcient (analogous to
upwelling) is a priori speciﬁed for the tubes and it is
shown that, once this artiﬁcial upwelling is introduced, the system adopts a ‘‘two stable solutions’’
structure for large enough vertical diffusivity. That
is to say, without the tubes, there is no dependence

Fig. 3a. Our (combined) simple global box model connecting the
Southern Ocean and all the northern oceans with the special case
of no signiﬁcant vertical mixing in between. The transport Q is
determined by the wind ﬁeld (see e.g., Nof, 2003 and Fig. 4).
Regardless what the freshwater ﬂux F is, a single solution is
obtained for this observationally based conﬁguration. S1 and S2
are the salinities of the boxes. Note that this is merely a special
case of our more involved model shown in Fig. 3b.

Fig. 3b. Our global box model with (speciﬁed) partial vertical
mixing (q) within the northern oceans. As before, S1 and S2 are
the salinities of the boxes whereas S3 and S4 are the ‘‘tubes’’
salinities introduced by the mixing of S1 and S2. The introduction
of mixing introduces the possibility of an additional solution (see
text). F is the freshwater ﬂux. It is important to realize that, since
the salinity of the water within each particular tube depends on
where the ﬂuid originated from, there is a difference between the
equations governing the case where the ﬂow is clockwise and
counterclockwise. For example, looking at the right lower
intersection of the interior loop, when the ﬂow is clockwise
(shown), the outgoing salinity S4 depends on S3 but it is
independent of S3 when the ﬂow is counterclockwise (not shown)
because what is now downstream was previously upstream.

of the MOC transport on the freshwater ﬂuxes. This
dependence comes in and the introduction of mixing
with the mixing coefﬁcient must to be above a
critical level in order to have multiple solutions.
Note that, in this scenario, the distance between the
two hysteresis branches increases (decreases) with
an increase (decrease) of the mixing induced
upwelling. Also, note that our analytical model is
a global hybrid model where the Atlantic, Paciﬁc,
and Indian are essentially taken to be one ocean.
After presenting the above global analysis, we
proceed and conduct ‘‘hosing experiments’’ (i.e.,
numerical experiments where freshwater is dumped
into the North Atlantic) to re-examine the sensitivity of the hysteresis to the eddy diffusivity (Section
3). A ﬁnal important point that needs to be
emphasized here is that, according to linear theory,
the total northward transport of upper water from
the Southern Ocean to the Atlantic, Paciﬁc, and
Indian Oceans is determined by the wind and is
roughly 27 Sv (Nof, 2003; Nof and De Boer, 2004).
From these 27 Sv, 15–20 Sv are sinking in the
Atlantic (as NADW) and the remaining 7–12 Sv
are converted (via diffusion) into deep water within
the limits of the Paciﬁc and Indian Oceans
(Nof, 2002). Of course, some of this 27 Sv might
be returned southward (above topography) via
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horizontal eddy ﬂuxes in the Southern Ocean but
these ﬂuxes are neglected here.
The above means that a collapse of the MOC in
the Atlantic merely causes a global shift in the
position where surface water is converted to deep
water. Under such conditions, the Paciﬁc and
Indian Oceans would accommodate the Atlantic
MOC collapse by converting more surface to deep
water within their own limits (see e.g., Saenko et al.,
2004). This tendency of an increased upper northward transport in the Paciﬁc and Indian Oceans
when the Atlantic MOC collapses is supported by
our numerics. This is so even though the horizontal
eddy viscosity of the Uvic model (2  105 m2/s) is
two orders of magnitude larger than the observed
value (1000 m2/s) so that the modeled dynamics
along the contour connecting the southern trips of
South Africa, South America, and Tasmania are not
at all linear (i.e., the interior in these modeled
regions is not in a Sverdrup balance).
2. The analytical model
Our hybrid global analytical model is shown
schematically in Fig. 3a and b. The essence of our
model is that, in contrast to Stommel’s ‘‘origination
box’’ which is conceptually placed in the equatorial
or South Atlantic, the origination box is now placed
in the Southern Ocean beyond the limits of the
Atlantic and Paciﬁc. We do this because waters that
are ultimately convecting in the North Atlantic
originated outside the Atlantic because, as stated
earlier, the convection is much too strong and the
observed vertical eddy diffusivities (within the
Atlantic) are much too low to allow a local crossisopycnal compensation of the NADW within the
limits of the Atlantic Ocean itself. Consequently,
NADW is drawn from regions far away from the
convection itself, where the conditions are more
favorable for a compensating upwelling. This is
consistent with our scaling arguments presented in
Section 1.2.2. As mentioned, we certainly are not
the ﬁrst ones to consider a Southern Ocean box but
we are the ﬁrst ones to take into account the manner
that the export of water from the Southern Ocean is
controlled by the wind.
We shall shortly see that multiple states do not
occur in our ﬁrst analytical model (which is no more
that a special case of an MOC with no mixing,
Fig. 3a) simply because the transport from the
Southern Ocean to the northern oceans is fixed by
the wind. In our general model (Fig. 3b) the
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modeled mixing (q) introduces a variation in the
transport and it is this variation that brings in the
multiple states. In this model, the total mass
converted to deep water (via either convection or
diffusion) is Q, which is ﬁxed by the wind, plus an
important additional component q that is added by
upwelling/downwelling within the basin. (Note that
it is not necessary to introduce heat exchange
processes.)
As shown in Nof (2003) and Nof and De Boer
(2004), linear theory states that the total meridional
transport above the topography in the Southern
Ocean is
I
Q¼

t dl
,
rf

(2.1)

where the level-of-no-motion approximation has
not been made. Here, l denotes the contour along
which the wind stress t is integrated clockwise
(Fig. 4), r is the density and f is the mean Coriolis
parameter along the contour. (All variables are
deﬁned both in the text and in the nomenclature.)
Note that, although (2.1) looks like the Ekman
transport, the exchange between the Southern
Ocean and the oceans situated to the North does
not take place through the Ekman layers but rather
through the geostrophic interior (again see, e.g.,
Nof, 2003; Nof and De Boer, 2004).

Fig. 4. Schematic diagram of the simpliﬁed continental structure
and the world ocean used in Nof, 2003. Integration of the
linearized (vertically integrated) equation of motion (allowing for
Sverdrup interior and meridional frictional western boundary
currents) along the closed contour shows that the net meridional
transport is the integral of the wind stress divided by the mean
Coriolis parameter. More complicated contours, which resemble
the actual geography more closely give essentially the same result.
(Adapted from Nof and De Boer, 2004.)
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In what follows we shall present the salt
conservation equations for each of the four tubes
intersections shown in Fig. 3b. With the continuity
equation, one of these four conservation equations
is automatically satisﬁed so we will be left with only
three salt conservation equations. Together with the
wind control Eq. (2.1) and the parameterization of
the ‘‘mixing ﬂux’’, these will give us a total of ﬁve
equations with ﬁve unknowns. Three of the ﬁve
unknowns are the salinities of the northern tank and
the vertical tubes (S2, S3, S4), and two are the
volume ﬂuxes, Q and q. For simplicity, q will be
taken to be linearly dependent on the main
salinities, S1 and S2. The three salt equations and
the ‘‘mixing ﬂux’’ relationship are:
ðQ  F ÞS 2 þ qS3 ¼ ðQ  F þ qÞS4 ,

(2.2)

in Fig. 3a, q ¼ 0.) Since the salinities S1 and S2
are the no mixing salinities (q ¼ K ¼ 0), we take
the mixing to be proportional to the difference
between these two. The above are four equations for
the four unknowns, (S2, S3, S4, and q) which will be
solved in terms of S1, Q, F, and K. We shall see
shortly that, as should be the case, the above system
of equations has only one solution when K-0 (no
mixing). The same holds for the case of small
mixing.
Substitution of (2.3) and (2.4) into (2.2) and a
multiplication of the resulting equation by (QF)Q
gives
ðQ þ qÞðQ  F Þ2 S 2 ¼ ðQ  F þ qÞQ2 S 1 .

(2.6)

Further substitution of (2.5) into (2.6) gives a
quadratic equation for S2 whose solution is

8
93,
< QðQ  F Þ2 þ KS ðQ  F Þ2 þ Q2  2 =
1
5 2KðQ  F Þ2
S2 ¼ 4QðQ  F Þ2 þ KS 1 ½ðQ  F Þ2 þ Q2  
: 4KðQ  F Þ2 ðKS 1 þ Q  F ÞS 1 Q2
;
2

ðQ  F ÞS 4 ¼ QS 1 ,

(2.3)

QS 3 ¼ ðQ  F ÞS 2 ,

(2.4)

q ¼ KðS1  S 2 Þ,

(2.5)

where, for now, we consider the case where q40
(clockwise ﬂow in the inner loop) and |F|oQ. It is
important to realize that the equations and solutions for the two cases (clockwise and counterclockwise) are not the same because the salinity
depends on the origin of the ﬂow. For example,
looking at the right lower intersection of the interior
loop shown in Fig. 3b, when the ﬂow is clockwise
(shown), the outgoing salinity S4 depends on S3 but
it is independent of S3 when the ﬂow is counterclockwise (not shown) because what is now downstream was previously upstream. In view of this, for
negative q, the above equations need to be replaced
by a different set of equations (not given) derived
following the same logic but taking into account the
different origin of the mixing ﬂuid.
In the above, F is the freshwater ﬂux, S1 and S2
are the salinities of the boxes, S3 is the salinity in the
vertical right tube, and S4 the salinity at the left
tube. Note that the salinities of the ﬂuids going out
of the boxes are also S1 and S2. The parameter K is
a known (speciﬁed) coefﬁcient corresponding to the
particular form of the chosen vertical mixing (2.5).
(Of course, for the special ‘‘no-mixing’’ case shown

(2.7)

Once S2 is obtained, the solution for q is then
given by (2.5), S3 by (2.4), and S4 by (2.3). It turns
out that this system of equations has only one
physically realizable root. Either both roots are
complex or both are real. However, one of the real
roots contradicts the conditions from which the
equations were constructed in the ﬁrst place and is,
therefore, rejected. A very similar set of equations
(not shown here) as well as a very similar solution is

Fig. 5a. Regime diagram for the analytical global box model.
The freshwater ﬂux F is shown on the vertical axis and the mixing
on the horizontal axis. The symbols ‘‘cw’’ and ‘‘cww’’ stand for
‘‘clockwise’’ and ‘‘counterclockwise’’. Q is the meridional
transport determined by the wind and K is speciﬁed. The
parameter e measures the mixing strength.
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obtained for a counterclockwise ﬂow in the inner
loop but, as shown in Fig. 5a, the counter-clockwise
solution has multiple physically relevant states. Note
that, as mentioned, the clockwise and counterclockwise sets of equations are not redundant
because the salt budget equations depend on the
origin of the ﬂow.
The counterclockwise solution is
S2 ¼

Q  F þ 2KS 1  ½ðQ  F Þ2  4KS 1 F 1=2
,
2K
(2.8)

with q ¼ K(S1S2), S3 ¼ (QF)S2/Q and S4 ¼
QS1/(QF). The regime diagram for both the
clockwise and counterclockwise solution is shown
in Fig. 5a. This ﬁgure displays the physical solutions
for both the clockwise and the counterclockwise
case, as a function of the mixing parameter KS1/Q
and the non-dimensional freshwater ﬂux F/Q. Here,
F/Q ranges from a maximum value of 1 (due to the
constraint that the lower transport out of the
northern box must be positive) to a minimum value
of 1.
The two green regions have one clockwise
solution corresponding to the negative root of
(2.7). There are no regions with multiple clockwise
solutions. The red region has one counterclockwise
solution corresponding to the negative root of (2.8).
The positive root is not valid in this region because
it violates the constraint that the upper ﬂow remains
northward. In the two orange regions there are two
valid counterclockwise solutions. These regions are
also bounded by the curves (1F/Q)24(KS1/Q2)
F ¼ 0, which indicates when the solution becomes
complex. Elsewhere in the ﬁgure, there are no valid
counterclockwise solutions because both roots
violate the constraints on the direction of the ﬂow.
It is convenient to divide the ﬁgure into a
‘‘conventional mode’’ region and a ‘‘non-conventional’’ mode region. In the ‘‘conventional mode’’
(eo0, Ko0, where eKS1/Q) region, adding
freshwater to the northern box causes the total
northward transport to decrease since q is negative.
On the other hand, in the ‘‘non-conventional
mode’’ (KS1/Q40) region, adding freshwater to
the northern box causes the total northward
transport to increase. (Interestingly, this model is
consistent with Nilsson and Walin (2001) ﬁndings
even though the dynamics are not identical). The
various roots are shown in Fig. 5b, which is selfexplanatory.

Fig. 5b. The solution for the global box model with mixing
(Fig. 3b). Note that, in the range, (Q+q)/Qo1 and F/4o1, there
are two solutions for q (for each mixing coefﬁcient K). As
mentioned, e measures the relative strength of the mixing, KS1/Q
(note that K is negative for the clockwise case).

3. Numerical experiments
3.1. Relation to Prange et al. (2003)
Although Prange et al. (2003) presumably already
showed that the hysteresis decreases with decreased
diffusivity, we wanted to: (a) check whether this
behavior depends on the kind of model that is
employed, (b) avoid using a model with un-adjusted
initial surface freshwater ﬂuxes (discussed earlier),
and (c) see whether we could produce a collapsed
hysteresis with a more realistic MOC transport than
Prange’s rather small value (5 Sv).
Our experiments were done with the fully nonlinear GFDL MOM 2.2 ocean component of the
Uvic ESCM (Weaver et al., 2001) whereas Prange et
al. (2003) used the Hamburg large-scale geostrophic
model (Maier-Reimer et al., 1993) which neglects
the nonlinear advection of momentum. Also, our
experiments have a slightly higher vertical resolution (19 vs. 11 levels) and about twice the
meridional horizontal resolution. In order to speed
up the response of the MOC to the forcing, we
applied the North Atlantic freshwater forcing at a
higher latitude (50N–70N) than Prange et al.
(20N–50N). Our experiments have twice the horizontal diffusivity (at the ocean surface) and the
diffusivity is depth independent rather than decreasing with depth. The Bering Strait is closed in
our experiments and open in Prange et al. (2003).
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(For the role of the Bering Strait in climate see e.g.,
De Boer and Nof, 2004.)

light water will essentially prevent our hysteresis
from completely disappearing in the limit of very
small vertical eddy diffusivity.

3.2. Detailed model description
3.3. Experiments
As mentioned, we used the ocean-only component of the Uvic Earth System Climate Model
(Weaver et al., 2001), which is based on the GFDL
Modular Ocean Model 2.2 with a global resolution
of 3.61 (zonal) by 1.81 (meridional) and 19 vertical
levels. The time step for the integration of tracers
(salinity and temperature) is 1.25 days and, for both
the internal and the external mode velocities, it is
1125 s. This is a fully nonlinear three-dimensional
global ocean general circulation model.
The model is forced with annual mean (constant
in time) Hellerman and Rosenstein wind stress. The
surface boundary conditions for heat and salt are of
the so-called ‘‘mixed’’ type where the surface salt (or
equivalently freshwater) ﬂux is prescribed and the
surface heat ﬂux is calculated by restoring the sea
surface temperature (SST) to Levitus (1982) annual
mean SST. That is, the surface heat ﬂux is given by
Q ¼ lðT^  TÞ,
(3.1)
where T^ is the prescribed Levitus SST and T the
model ocean SST. The value of l is 80.7 W/(m2 1C).
The coefﬁcients of horizontal diffusivity and viscosity are 2  103 m2/s and 2  105 m2/s, respectively.
The vertical diffusivity is different for each of the six
experiments (Table 1) and shown in Fig. 6a. The
vertical viscosity has a constant value of 103 m2/s.
As in most models, the values for the horizontal
diffusivities are (unavoidably) too large (compared
to observations). With a horizontal scale of
1000 km, upper layer depth of 1000 m and a
20,000 km circumference of the warm water bowl
in the North and South Atlantic, they give an
artiﬁcial 40 Sv horizontal conversion of heavy-tolight water. This cross-isopycnal inﬂux of heavy-to-

To arrive at the prescribed surface salt ﬂux ﬁeld,
for each diffusivity K, the model is spun up in two
phases. In the ﬁrst phase, the model is run for 2000
years restoring both the SST and the SSS to annual
mean Levitus data. During this ‘‘phase 1’’ spin-up,
the surface salt ﬂux is given by
Sf ¼ mðS^  SÞ,
(3.2)
^
where S is the prescribed Levitus SSS, S is the
model ocean SSS and Sf the Uvic model surface salt

Fig. 6a. Proﬁles of the vertical diffusivity used in the three lower
diffusivity numerical experiments (1 through 3) with the Uvic
model. Proﬁles for experiments 1 and 2 are depth dependent and
are based on the Bryan and Lewis (1979) distribution, while
experiment 3 is depth independent. The proﬁles for the three
higher diffusivity experiments, 4 through 6 (not shown) are all
depth independent with vertical diffusivity coefﬁcients of 2.5,
12.5, and 25 cm2/s, respectively. Note that proﬁle 1 corresponds
to 0.1 cm2/s at the base of the thermocline.

Table 1
The numerical experiments
Experiment no.

Surface vertical
diffusivity (cm2/s)

Depth-dependent
diffusivity

FWF perturbation rate
(Sv/10,000 year)

Hysteresis phase run
length (years)

1
2
3
4
5
6

0.1
0.3
1.3
2.5
12.5
25.0

Y
Y
N
N
N
N

0.1
0.1
0.1
0.1
1.0
1.0

8000
8000
10,000
10,000
4000
4400

ARTICLE IN PRESS
D. Nof et al. / Deep-Sea Research I 54 (2007) 2005–2021

ﬂux. The value of m is 9.65  103 kg/m2 s. After the
2000-year ‘‘phase 1’’ spin-up, we took the resultant
salinity ﬂux ﬁeld and applied a small spatially
uniform correction to it so that the net global salt
ﬂux integrates to zero. This prepared the model for
the next phase during which we run the model for
an additional 2000-year (‘‘phase 2’’ spin up period)
in ‘‘mixed’’ mode. That is, with the corrected surface
salt ﬂux from the phase 1 spin up as a prescribed
boundary condition in place of (3.2) and the
restoring condition (3.1) for the surface heat ﬂux.
We did this for each diffusivity.

2015

At the end of the combined 4000-year spin-up
period the model is at equilibrium in the conventional ‘‘on’’ state of the MOC and this is our initial
condition (corresponding to F ¼ 0 in Fig. 6c). Since,
in this initial condition, the surface salinity was
restored to the Levitus SSS for each K, the actual
freshwater ﬂux at t ¼ 0 was not zero. Instead, it was
implicitly corrected and examples of the resulting
salt ﬂuxes are shown in Fig. 6b. As mentioned,
Dijkstra and Weijer (2005) pointed out that Prange
et al. (2003) did not restore the initial SSS to the
Levitus data for each K. As a result, a K larger than

Fig. 6b. Surface salt ﬂux ﬁelds for four experiments (0.1 cm2/s, upper left; 0.3 cm2/s, upper right; 2.5 cm2/s, lower left; and 25 cm2/s, lower
right). The units are kg/m2/s. As mentioned, for each K we initialized the model by restoring the SSS to the Levitus SSS so that the initial
salt ﬂuxes for all the experiments are not identical. This way we assured that we started from an equilibrium state with near Levitus surface
conditions for each hysteresis loop. As pointed out by Dijkstra and Weijer (2005), Prange et al. (2003) did not follow such a procedure.
Consequently, their small K runs were in effect limited to the off-state and this is why their MOC transport was so unrealistically small.
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the one that Prange et al. (2003) used for their
reference hysteresis loop would initially pull too
much salt from the surface whereas a smaller K
would pull too little salt. This is why the transport
in their small diffusivity ‘‘hysteresis’’ was so
unrealistically small (5 Sv).
After establishing the above initial conditions for
F ¼ 0, we slowly perturbed the prescribed surface
freshwater ﬂux in the Atlantic to create the
hysteresis loops. The perturbation was applied
uniformly to the North Atlantic in the 50–701N
band to water at least 793 m deep. The freshwater
ﬂux was ﬁrst increased linearly in time at a slow rate
to a maximum value sufﬁcient to collapse the MOC.
It was then decreased back to zero at the same rate.
The MOC does not recover when the freshwater ﬂux
perturbation returns to zero and so the perturbation
was applied in the negative direction until the MOC
ﬁnally recovers. At that point, the perturbation is
again returned to zero and the loop is complete.
The rate at which the freshwater ﬂux perturbation
was applied is 0.1 Sv/1000 years for the lower
vertical diffusivity experiments 1–4 (see Table 1)
and 1 Sv/1000 years for the very high vertical
diffusivity experiments 5 and 6. The perturbation
rate was increased for experiments 5 and 6 because
the much larger perturbation amplitude required for
these runs would have made the computational time
too long. The rate is still ‘‘slow’’ however, because,
in this case, the system equilibrates at a much faster
rate (because of the very high vertical diffusivities.)
We made no explicit checks of these rates but we
relied on the experience of other investigators and
used similar freshwater perturbation rates as they
did. These rates were 0.05 Sv/1000 year (Prange
et al., 2003; Rahmstorf, 1995, 1996; Rahmstorf
et al., 2005), 0.1 Sv/1000 year (Schmittner and
Weaver, 2001), 0.2 Sv/1000 year (Gregory et al.,
2003; Saenko et al., 2003), and 0.6 Sv/1000 year
(Schmittner et al., 2002).
The results of our hysteresis runs are shown in
Fig. 6c. For clarity, we introduced what we call the
‘‘hysteresis intensity’’ which is the area enclosed by
the hysteresis loops (Fig. 6d). It provides a clear
measure of the hysteresis strength. The loops and
their area clearly illustrate that the hysteresis
decreases when the vertical eddy diffusivity is
decreased towards observed values. It is important
to realize that, as mentioned, the hysteresis never
completely disappears because our model is a level
rather than layered model, so that there is always
some (unavoidable) horizontal diffusion across

Fig. 6c. Plots of the maximum value of the North Atlantic
meridional overturning mass ﬂux (Sv) as a function of the
freshwater ﬂux perturbation applied to the 50–701N for each of
the six experiments. The model output was ﬁltered with two
passes of a 50-year running mean ﬁlter to remove some
oscillations (especially in the very high diffusivity experiments 4
and 5). The size of the hysteresis loops increases with increasing
vertical diffusivity. It is important to realize that this ﬁgure
merely illustrates the tendency of the hysteresis to decrease with a
decreased diffusivity which is all that one can do with a layered
model. This is because, even with a very small vertical diffusivity,
there is still very signiﬁcant artiﬁcial cross-isopycnal ﬂows due to
both horizontal diffusivity and horizontal viscosity. These can be
as high as 40 Sv and are responsible for the residual hysteresis
(shown with the solid black line).

isopycnals that can be as high as 40 Sv even when
the vertical eddy diffusivity is zero. Fig. 7 clearly
shows how the total MOC transport (Q+q) increases with increased vertical diffusivity K, which
induces upwelling q, in agreement with our general
scenario of diminishing hysteresis for diminishing
mixing. In that ﬁgure, the almost horizontal dashed
line indicates the upstream wind-driven transport Q,
which is almost independent of the diffusivity K,
whereas the sharply rising dashed–dotted line
corresponds to the total transport, (Q+q) which is
a strong function of the diffusivity. Fig. 8, which
will be shortly discussed, schematically illustrates
how this dependence comes about.
Although these results do show our main point
that the hysteresis intensity decreases with decreasing diffusivity, they are not completely satisfactory.
Even with a small vertical diffusivity of 0.1 cm2/s,
the hysteresis width (i.e., the range of the freshwater
ﬂux inducing the hysteresis) is 0.1 Sv and the
meridional transport varies from 0 to 25 Sv. (These
values are in agreement with those of Rahmstorf
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Fig. 6d. Plot of the ‘‘hysteresis intensity’’ of the Atlantic
meridional overturning as a function of the numerical surface
vertical diffusivity, [Kv(0)]. The ‘‘hysteresis intensity’’ is simply
the area enclosed by the hysteresis curves in Fig. 6b and in Fig. 6
of Prange et al. Our numerical experiments are shown with the
solid line whereas Prange et al. (2003) experiments are shown
with the dashed line. The lower panel is a blowup of the region
for Kv(0)o3. The importance of this ﬁgure lies in the tendency of
the hysteresis to decrease with decreasing diffusivity and in its
illustration that Prange et al. (2003) solution is very close to the
off-state.

et al., 2005.) It is argued here that this residual ﬂux
is because of the previously mentioned artiﬁcial
horizontal (cross-isopycnal) ﬂux that does not occur
in the real ocean but is very high in numerics.
Unfortunately, this is a weakness of level models
that do not have isopycnal mixing and can only be
avoided by using an isopycnic model where the
cross-isopycnal mixing is taken to be the observed
value of 0.1 cm2/s. Even those models are not
satisfactory because of artiﬁcially high eddy viscosities that affect the density ﬁeld through the
advection terms in the density equation. It appears
that an appropriate model for studying hysteresis is
prohibitively expensive at the present time.
In view of the above, our numerical results are
useful only in showing the tendency of the hysteresis
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Fig. 7. The North Atlantic transports as a function of the vertical
eddy diffusivity. The dashed line represents the ‘‘no crossisopycnal diffusivity’’ analytical calculation of Nof (2003), which
is denoted by Q in this study. (The transport of 7 Sv presented
here is somewhat smaller than the 9 Sv presented in Nof (2003)
because we used here a somewhat different winds data set.) Our
winds here are the same as those used by the Uvic model which
takes into account the Hellerman and Rosenstein winds. The
solid black line represents the numerical circulation transports at
301S, whereas the dashed and dotted line corresponds to the total
numerical transport around point A of Fig. 8 (i.e., the transport
corresponding to the sum of the circulation shown in the light
and darker regions shown in Fig. 8). The difference between the
dashed and dashed–dotted line is the mixing ﬂux, q.

but not the actual value (in the limit of nodiffusivity). In some sense, one can perhaps argue
that the Prange et al. (2003) result appear to show a
somewhat better collapse of the hysteresis than
ours. However, their study suffers from the salinity
restoration issue discussed earlier and, consequently, their collapsed hysteresis corresponds to
an MOC in the off-state, not an on-state.
4. Summary and discussion
Using global analytical and numerical models as
well as estimates of cross-isopycnal ﬂows within the
limits of the Atlantic Ocean, we argue that the
commonly discussed hysteresis and multiple stable
states is an artifact of two processes. The ﬁrst is a
neglect of the NADW true origin in the earlier
analytical models, i.e., a neglect of the Southern
Ocean origin (rather than the equatorial or Southern Atlantic), which implies an MOC transport
controlled by the wind, not density gradients. The
second is the artiﬁcially high cross-isopycnal
eddy diffusivities, which (in numerical simulations)
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Fig. 8. A schematic diagram of the Atlantic circulation
associated with the high (upper panel) and low (lower panel)
diffusivity scenarios for a fixed freshwater ﬂux. The diffusivity
introduces an artiﬁcial circulation cell within the Atlantic Ocean.
The cell induced by the observed cross-isopycnal diffusivity of
0.1 cm2/s is a tiny fraction of the observed MOC (i.e., the NADW
which originates outside the limits of the Atlantic Ocean) but is
very signiﬁcant in the numerical models.

artiﬁcially introduce strong upwellings and horizontal cross-isopycnal ﬂows within the Atlantic
Ocean.
The former can be easily taken into account by
placing Stommel’s origination box in the Southern
Ocean, which encompasses the entire globe (Fig. 3)
implying that the linear northward transport of
upper water (i.e., neglecting horizontal eddy ﬂuxes)
is wind-driven so that it is given by (2.1). This
immediately eliminates the two-state scenario for
small mixing (see Eqs (2.2)–(2.5) with K-0).
Perhaps even more importantly, in contrast to all
purely density-driven THC models whose application to the ocean disturbingly violates the Sandstrom (1908, 1916) thermodynamic theorem, our
hybrid model is consistent with that theorem.
The high diffusivity issue has been examined
using two different approaches. First, the introduction of mixing into the global (hybrid) analytical
model (Fig. 3b) immediately brings in a second
solution. This is vividly illustrated by (2.8) as well as

Figs. 5a and b. Secondly, by executing a series of
numerical experiments with different vertical diffusivities (Figs. 6a–d) one sees right away that, in the
limit of small diffusivity, the hysteresis diminishes.
As mentioned, this is a re-conﬁrmation of Prange
et al. (2003) results (using a different model) except
that we obtain more realistic and meaningful values
for the MOC because we restore the initial SSS to
the initial Levitus SSS as we go from one diffusivity
to the other. We also demonstrate the important
point that the MOC transports at various latitudes
are all strongly dependent on both the diffusivity
and location (Fig. 7). This is because the diffusivity
artiﬁcially introduces a strong upwelling and downwelling (q in the analytical model) cell within the
Atlantic Ocean (Figs. 8 and 9).
How this comes about is shown schematically in
Fig. 8, which displays the Atlantic circulation
associated with the high (upper panel) and low
(lower panel) diffusivity scenarios for a fixed freshwater ﬂux. The diffusivity introduces an artiﬁcial
circulation cell within the Atlantic Ocean, analogous to q in the analytics. (In the more general case
of a global Southern Ocean origination box, the
artiﬁcial cell maybe situated elsewhere between the
two.) The actual cell induced by the observed crossisopycnal diffusivity of 0.1 cm2/s is a tiny fraction of
the observed MOC (i.e., the NADW which originates outside the limits of the Atlantic Ocean) but
its numerical analog within the OGCMs and its
analytical analog q can be very signiﬁcant. The
fraction of the MOC that is associated with the
hysteresis is shown schematically in Fig. 9.
Although most of the up-to-date GCM have
some option for small isopycnal viscosity and small
diffusion in layer models (reviewed in Rahmstorf

Fig. 9. Schematic diagram of the Atlantic hysteresis and nohysteresis scenario corresponding to Fig. 8. Without crossisopycnals ﬂow (vertical dashed arrow) there is no hysteresis.
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et al., 2005), the earlier hysteresis studies did not
employ such a scheme. Consequently, a serious
weakness of most hysteresis sensitivity studies as
well as our present one is that they employ level,
rather than layered models. This implies that, even
in the limit of very small vertical diffusivity, there
can still be a large (O(10 Sv)) artiﬁcial dense-tolight water conversion by the horizontal eddy
diffusivity. Consequently, all of our hysteresis plots
should be regarded merely as pointing out tendencies rather than giving absolute values.
Another disturbing aspect regarding both the
Prange et al. (2003) experiments as well as our own
experiments, is that they are not in agreement with
the Schmittner and Weaver (2001) experiments. It is
not clear to us nor evidently was it clear to Prange et
al. (2003) what causes the very signiﬁcant differences between the numerical studies. Schmittner and
Weaver (2001) used a simpliﬁed coupled model and
did not ﬁnd a change in the hysteresis intensity as
the diffusivity was decreased but they did ﬁnd a shift
in the position of the hysteresis relative to the
freshwater ﬂux. Manabe and Stouffer (1999) used a
coupled ocean–atmosphere model and an abrupt
hosing as opposed to both Prange et al. (2003) and
our ocean-only model that were subject to very
gradual hosing. They found a collapsed state under
vertically enhanced vertical diffusivity and nocollapsed state under constant vertical diffusivity).
This may be related to bifurcation issues but again,
it is not clear to us and, apparently, it was not clear
to Prange et al. (2003) what causes the differences.
Although this state of affairs is, of course, not
satisfactory, we must leave this as it is at this point.
If anything, it points out that the results of the
completed numerical models are so difﬁcult to
interpret that we need the kind of analytical models
presented earlier.
The answer to the question posed in the title of
this article is: Probably not. However, a more
reliable answer can be given only by repeating the
hysteresis experiments with an isopynic model using
realistic values for both cross-and-along isopycnals
diffusivities as well as correct values for the eddy
viscosities. Even that will not completely solve the
problem as the mixing (across the thermocline) is
not a closed issue—very recent measurements
suggest enhanced mixing in regions of salt ﬁngers
(Schmitt et al., 2005) and there are other regions of
enhanced mixing. (See Halliwell, 2004, for a
summary of the role of mixing in numerical
models.)
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Also, it is mentioned in passing that, once the
northward ﬂowing MOC in the Atlantic collapses,
there should be an increase of upper ocean
meridional ﬂow into the Paciﬁc and Indian Ocean.
Nof’s (2003) analytical calculations (based on
western boundary currents and a Sverdrup interior)
suggest a total of 27 Sv exiting the upper Southern
Ocean above the highest topography. (This calculation ignores horizontal eddy ﬂuxes but scaling
arguments comparing the frictional terms to the
Coriolis terms suggest that, for the commonly
observed diffusivities of 500 m2/s, see, e.g., Gille
(2003), Stammer et al. (1996), the eddy ﬂuxes in the
region in question are smaller than the Sverdrup
transport. The arguments for higher southward
transport due to eddy ﬂuxes rest on the idea that
there is not enough buoyancy input to convert dense
southern water to light northern water as the water
moves northwards (see e.g., Karsten and Marshall,
2002 and Speer et al., 2000).
This implies that if the MOC in the Atlantic
collapses, 27 Sv needs to somehow go into the upper
Paciﬁc and Indian Oceans. Because the Uvic model
uses a horizontal eddy viscosity of 2  105 m2/s,
which is three orders of magnitude higher than the
observed value, the numerical model interior is far
from a Sverdrup balance state. However, even the
Uvic model shows that when the northward
Atlantic MOC collapses, the northward upper water
ﬂow into the Paciﬁc and Indian increases [from 4
to 2 Sv (for vertical diffusivity of 0.1 cm2/s)].
Finally, it is appropriate to respond to two
comments made by one of the reviewers who saw
our resubmitted version. First, the reviewer correctly
points out that our analytical model cannot handle a
freshwater-induced collapse of the MOC. This is very
true—the model was conceived with the idea of
mimicking the dynamics associated with the open
loop shown in Fig. 1a (ABCDA), not the collapsed
state associated with zero MOC transport. As such,
the model is lacking a ‘‘convection condition’’ (of the
kind used by Sandal and Nof, 2007) so that a
collapse is not a part of the model dynamics. Second,
the reviewer comments imply that the Uvic model
may not be the very best model for the hysteresis
process because our runs did not show a totally
collapsed hysteresis. Again, the reviewer is correct
except that, given the limitations of all global
numerical models, we are satisﬁed by noting the
tendency of the hysteresis to decrease with decreasing
mixing. We interpret this tendency to imply that
there is no hysteresis in the limit of zero mixing.
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